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Any veneer of life covering the surface of a planet will necessarily interact with the
solid and fluid phases, with which it is in contact. Specifically, it is bound to impose a
thermodynamic gradient on all planetary near-surface environments (inclusive of the
atmosphere and hydrosphere), which ultimatively stems from the accumulation of
negative entropy by living systems. Consequently, life acts as a driving force for a
number of globally relevant chemical transformations. On Earth, typical examples of
such life-induced chemical inequilibria are the glaring redox imbalance at the terres-
trial surface caused by photosynthetic oxygen, or the release of large quantities of
hydrogen sulfide by sulfate-reducing bacteria in the marine realm. Also, the dynamic
persistence of metastable atmospheric gas mixtures (such as O2, N2 and CH4 in the
terrestrial atmosphere), and of isotopic disequilibria (e.g., between water-bound oxy-
gen of the hydrosphere and atmospheric O2), is ultimately sustained by the thermody-
namic imbalance imposed by the biosphere on its environment. Conspicuous thermo-
dynamic inequilibria within the gaseous and liquid envelopes of a planet may, there-
fore, be taken as a priori evidence of the presence of life [1, 2]. Applying this criterion
to the present composition of the Martian atmosphere [3], the latter gives little, if any,
indication of contemporary biological activity on that planet.

Moreover, a planetary biosphere is apt to leave discrete vestiges in the surrounding
inorganic habitat. Relying on terrestrial analogues, it is safe to say that organisms
commonly generate a morphological and biochemical record of their former existence
in sedimentary rocks. Though in part highly selective, this record may survive, under
favorable circumstances, over billions of years before being annealed in the wake of a
metamorphic and anatectic reconstitution of the host rock. This is particularly true for
relics of multicellular life (Metaphyta and Metazoa) but also - albeit with restrictions -
for microorganisms, which had held dominion over the Earth during the first 3 billion
years of recorded geological history.

In the following, an overview will be presented of the principal morphological and
biogeochemical evidence indicating the presence of life on a planetary surface. The
discourse both summarizes, and elaborates on, previous more exhaustive presentations
of the subject by the author [4-7].
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23.1 Paleontological Evidence

Given the validity of terrestrial analogues, the stratigraphic (sedimentary) record of any
planet should serve as a potential store for both bodily remnants of former organisms
and other possible traces of their life activities. This should also apply to Mars during
the early stages of its history, when the planet was probably bathed in abundant water,
and environmental conditions on the surface probably did not differ much from those
on the early Earth [8, 9]. If all terrestrial planets -  and notably Mars and Earth -  had
occupied comparable starting positions in terms of solar distance, condensation history
and primary endowment with matter from the parent solar nebula [10], then the surface
conditions on both planets should have been very similar in their juvenile states.

Specifically, with evidence at hand for a denser atmosphere and extensive aqueous
activity on the Martian surface during the early history of the planet, a convincing case
can be made that the primitive Martian environment was no less conducive to the ini-
tiation of life processes and the subsequent emplacement of prolific microbial ecosys-
tems than the surface of the ancient Earth [11, 12]. Even if the evolutionary pathways
of both planets had diverged during their later histories to the effect that life became
extinct on Mars due to a gradual deterioration of surface conditions that consequently
rendered the planet inhospitable to protein chemistry in the widest sense, the planet
could still have started off with a veneer of microbial (prokaryotic) life comparable to
that existing on the Archaean Earth [4, 5, 13, 14]. Given the apparent failure of the
Viking life detection experiment for the present Martian regolith [15], the prime ob-
jective of a search for life on Mars should be to seek evidence of extinct (fossil) life,
and the oldest Martian sediments would constitute appropriate targets for such efforts.

In any search for extinct life on Mars, the basic problem would not rest with the
cognitive aspects of the identification of the fossil evidence, but rather with the seren-
dipity inevitably involved in the selection and recovery of suitable sampling material
from the vast stretches of potential host rocks exposed on the planetary surface. Among
the two-thirds of the Martian surface deemed to be covered by rocks older than 3.8 Ga
[16], there are several occurrences of well-bedded sediments (notably in the Tharsis
region and the associated Valles Marineris canyon system) that are interpreted as lake
deposits and believed to include thick sequences of carbonates [17]. If present at all in
these early Martian formations, morphological relics of fossil life should lend them-
selves to as ready a detection as do their terrestrial counterparts in Archaean sediments,
provided the host rock is accessible to either robotic sensing or direct investigation
following a sample return mission.

In that regard, it seems to be a reasonable conjecture to resort to the paleontological
inventory of the oldest terrestrial sediments (between 3.30 and 3.85 Ga ago) for guid-
ance with regard to potential fossil evidence from coeval Martian rocks. On Earth, the
earliest prokaryotic (bacterial and archaebacterial) microbial ecosystems have basically
left two categories of morphological evidence, namely (i) stromatolite-type biosedi-
mentary structures ("microbialites") and (ii) cellular relics of individual micro-
organisms ("microfossils").
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23.1.1 Microbialites

Microbialites or "stromatolites" [18] are laminated biosedimentary structures that
preserve the matting behavior of bacterial and algal (primarily prokaryotic) microben-
thos. Microbial build-ups of this type represent stacks of finely laminated lithified
microbial communities that had originally thrived as organic films at the sediment-
water interface, with younger mat generations successively superimposed on the older
ones (Figs. 23.1 and 23.2). The structures derive from the interaction of the primary
biologically active microbial layer with the ambient sedimentary environment, the
fossilization of the laminae resulting from either trapping, binding or biologically
mediated precipitation of selected mineral constituents.

In terrestrial sediments, microbialites represent the most glaring (macroscopic) ex-
pression of fossil microbial life, with a record extending back to the Early Archaean
(~3.5 Ga ago). This constitutes prima facie evidence that benthic prokaryotes were
widespread already in suitable aquatic habitats of the Archaean Earth. Both the mor-
phological inventory of the oldest stromatolites and the observed microfossil content
of the ambient rock or coeval sequences (see below) allow a fairly elaborate recon-
struction of the Earth's earliest microbial ecosystems, indicating that Archaean stro-
matolite builders were not markedly different from their geologically younger counter-
parts (inclusive of contemporary species). It appears well established that the principal
microbial mat builders were filamentous and unicellular prokaryotes capable of pho-
totactic responses and photoautotrophic carbon fixation [19]. The unbroken stromato-
lite record from Archaean to present times attests, furthermore, to an astounding de-
gree of conservatism and uniformity in the physiological performance and communal
organization of prokaryotic microbenthos over 3.5 Ga of geological history. In spite of
recently voiced reservations elaborating on morphological convergences between bio-
logically induced and purely inorganic (evaporitic and microclastic) laminations [20],
the balance of the currently available evidence suggests that the oldest stromatolites
constitute a crucial (if not dominant) part of the early record of life [21].

Fig. 23.1 Scheme of principal morphologies of laminated microbial ecosystems that thrive at
the sediment-water interface. These structures subsequently lend themselves to lithification in the
form of "stromatolites" (see Fig. 23.2). The mat-forming microbenthos is mostly made up of
cyanobacteria.
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Fig. 23.2 Typical microbialite (or "stromatolite") from the Precambrian Transvaal Dolomite
(~2.3 Ga) that is made up of a succession of superimposed fossil microbial mats. The bun-
shaped and partially interfering laminae represent consecutive growth stages of the primary
microbial community. Breadth of rock specimen is ∼14 cm.

23.1.2 Cellular Microfossils

Apart from the macroscopic vestiges of past microbial activity in the form of stroma-
tolites and related biosedimentary structures, there is a second (microscopic) category
of paleontological evidence stored in the sedimentary record. This microscopic or
cellular evidence is currently supposed to go back to at least ~3.5 Ga (as in the case of
microbialites), with the biogenicity of microfossil-like morphologies reported from the
~3.8 Ga-old Isua metasedimentary suite from West Greenland [22] still being under
debate.

While a wealth of authentic microbial communities has been reported from Early
and Middle Precambrian (Proterozoic) formations, the unequivocal identification of
cellular microfossils becomes notoriously difficult with increasing age of the host
rock. In Early Precambrian (Archaean) sediments, both the progressive diagenetic al-



376 M. Schidlowski

teration and the metamorphic reconstitution of the enclosing mineral matrix tend to
blur the primary morphologies of delicate organic microstructures. This results in a
large-scale loss of contours and other critical morphological detail. At the extreme of
such alteration series lie the  so-called "dubiofossils" of variable and sometimes ques-
tionable confidence levels. To ascertain the biogenicity of possible cellular morpho-
types in Archaean rocks, a hierarchical set of selection criteria has been proposed,
postulating that genuine microfossils (i) be authentic constituents of the rock as testi-
fied by their exposure in petrographic thin sections, (ii) occur in vast multiples, (iii) be
associated with residual carbonaceous matter, (iv) equal or exceed the minimum size
of viable cells and display a central cavity plus structural detail in excess of that re-
sulting from inorganic processes. Moreover, it has been proposed that, as a matter of
principle, putative evidence from metamorphosed sediments should not be considered.

In spite of the blatant impoverishment of the Archaean record there are, however,
single reports of well-preserved microfossils that, for the most part, comply with the
above criteria. Most prominent among these assemblages are chert-embedded micro-
floras from the Warrawoona Group of Western Australia, which closely approach the
3.5 Ga age mark. After an initial controversy about the authenticity of these fossil
communities on grounds of imprecisely constrained petrographic background parame-
ters for the host lithologies [23, 24], Schopf and Packer [25] and notably Schopf [26]
have forwarded evidence prompting an acceptance of the observed morphotypes as
bona fide microfossils. Conspicuous within the Warrawoona microbial community
are both the coccoidal and filamentous (trichomic) micromorphologies that have been
found to abound in the cyanobacterial precursor floras of Proterozoic formations.
While the septate filaments stand for fossil trichomes that could be attributed to either
filamentous cyanobacteria or more primitive prokaryotes (such as flexibacteria), the
coccoidal aggregates described by Schopf and Packer [25] have been claimed to strictly
exclude other than cyanobacterial affinities.

Given the remarkable degree of diversification of the Warrawoona microflora we
must, of necessity, infer that the genetic lineages of the principal microbial species had
emerged well before Warrawoona times. We may, therefore, reasonably assume that
precursor floras had been extant prior to ~3.5 Ga when the preserved rock record be-
comes scant and increasingly metamorphosed. In this context, the observation of cell-
like carbonaceous structures in the 3.8 Ga-old metasediments from Isua, West-
Greenland, has attracted considerable attention. Described as Isuasphaera isua [22],
the biogenicity of this morphotype (Fig. 23.3) has been violently disputed, specifically
on grounds of the improbability of survival of delicate cell structure during the amphi-
bolite-grade metamorphism of the host rock.

Meanwhile, however, there is ample evidence that fossils in general and microfos-
sils in particular may - in variable degree - withstand obliteration in rocks subjected to
medium-grade metamorphism. Therefore, we cannot a priori exclude microbial affini-
ties for selected cell-like microstructures from the Isua metasediments, and notably for
Isuasphaera-type micromorphs that show a striking resemblance to a possible coun-
terpart of recognized biogenicity in the younger (Proterozoic) record described as
Huroniospora sp. In spite of the uncertainty surrounding a large number of morpho-
types described from Isua, and of occasional convergences with purely mineralogical
features, there is a reasonable chance that the microstructure inventory as a whole
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Fig. 23.3 A: Comparison of Huroniospora sp. from the ~2.0 Ga-old Gunflint iron formation,
Ontario (a-c) with Isuasphaera sp. from the ~3.8 Ga-old Isua metasedimentary suite, West
Greenland (d-f). The optically distinctive marginal rim may be explained as a relic of the original
cell wall. B: Laser Raman spectra obtained from Huroniospora sp. as an isolated particle (a)
and in thin sections (b) compared to those from Isuasphaera sp. (c, d) obtained under the same
conditions. The close resemblance of the spectra suggests similarities in the composition of the
residual organic component of the two types of microstructures. The prominent peak close to
1610 cm-1 is indicative of aromatic double bonds among the carbon atoms of the molecular
structure (adapted from [44]).

includes at least some elements of a structurally degenerated microfossil assemblage
such as might result from metamorphic impairment of a Warrawoona-type microflora.
As fully detailed below, the existence in Isua times of microbial ecosystems would not
only be consistent with, but also conditional for, the actually observed carbon content
and carbon isotope geochemistry of the Isua suite.

23.2 Biogeochemical Evidence

Apart from morphological relics, organisms also leave a chemical record of their for-
mer existence. While the bulk of the body material degrades after the death of the or-
ganism (with the dominant carbon component remineralized as CO2), a minuscule
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fraction of the organic substance (between 10-2 and 10-3) usually escapes decomposi-
tion by burial in newly-formed sediments. Here, the primary biopolymers undergo a
large-scale reconstitution ("humification" with subsequent transformation into inor-
ganic carbon polymers), resulting finally in the formation of kerogen, a chemically
inert (acid-insoluble) polycondensed aggregate of aliphatic and aromatic hydrocarbons
that figures as end-product of the diagenetic alteration of primary biogenic matter in
sediments [27]. Representing the residuum of living substances, kerogenous materials
and their graphitic derivatives constitute per se first-order proxies of past biological
activity.

A more specific category of biogeochemical evidence is represented by quasi-
pristine organic molecules (mostly pigments or single discrete hydrocarbon chains) that
have preserved their identity over the entire pathway of kerogen evolution from dead
organic matter to the polymerized aggregates of solid hydrocarbons that mark the end
of the maturation series of primary biogenic substances. The record of such "bio-
marker" molecules or "chemofossils", respectively [28, 29], goes far back into Pre-
cambrian times, gaining special significance in connection with the geologically oldest
(Proterozoic) petroleum occurrences [30]. Current work on molecular fossils from the
kerogen fraction of Precambrian rocks [31] holds the promise of considerable potential
for the further elucidation of the early history of life.

Most importantly, the isotopic composition of the kerogenous carbon constituents
gives additional testimony to their biogenicity as it reflects 13C/12C fractionations of a
magnitude and direction that are typically obtained in the common assimilatory (photo-
synthetic) pathways, notably the ribulose bisphosphate (RuBP) carboxylase reaction of
the Calvin cycle that operates in C3 photosynthesis. Particularly if seen in conjunction
with the isotope record of coexisting carbonate, the 13C/12C compositions of sedimen-
tary organic carbon convey a remarkably consistent signal of biological carbon fixation
that derives, for the most part, from a kinetic isotope effect imposed on the first CO2-
fixing enzymatic carboxylation reaction of the photosynthetic pathway.

In the following, selected aspects of the biogeochemical record of life will be dealt
with in more detail.

23.2.1 Sedimentary Organic Carbon as a Recorder of Former Life Processes

As set out above, reduced or organic carbon (Corg) stored in sedimentary rocks consti-
tutes the fossil residue of biological matter, the bulk of which is made up of highly
polymerised aliphatic and aromatic hydrocarbons (“kerogen”) that figure as end-
products of the diagenetic alteration of primary biogenic substances in the sediment.
The Corg-content of the average sedimentary rock normally lies between 0.5% and
0.6% [32]. With a total mass of the Earth's sedimentary envelope of about 2.4×1024 g,
this would imply that, over geologic time, between 1.2-1.4×1022 g Corg had leaked out
from the surficial carbon cycle and come to be stored in the crust, thus making kerogen
the most abundant form of organic matter on this planet. The fossil relics of biogenic
matter thus accumulated can be traced back to the very beginning of the sedimentary
record some 3.8 Ga ago [33], with shales representing the Corg-richest (up to 12-16%)
and sandstones the Corg-poorest lithologies. The mobile (volatile) fraction of the sedi-
mentary Corg-burden has commonly oozed out from the source sediment during the
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maturation process of the kerogenous substances, assembling as oil and gaseous hy-
drocarbons in suitable host rocks.

Systematic assays for Corg carried out on Phanerozoic (<0.54 Ga) rocks indicate that
the deposition rates of organic matter have, for the most part, moderately oscillated
around a mean of about 0.5% Corg for the average sediment over this time span. Al-
though both the preserved rock record and the available data base are progressively
attenuated as we proceed into the older geological past, the evidence suggests that the
scatter of Corg in Precambrian sediments is basically the same as in the Phanerozoic
record [34, 35]. It is worth noting that the (largely graphitized) organic carbon load of
the 3.8 Ga-old Isua metasediments of West Greenland that mark the very beginning of
the record may considerably surpass the local average of 0.67% in the case of carbon-
rich members of the suite.

Apart from constituting materialized residues of primary living substances in the
widest sense, the elemental composition (H, C, O, N, S) of kerogens may offer addi-
tional information on the source organisms and their habitat. Plots of H/C vs. O/C
ratios have allowed to differentiate between sapropelic kerogens of microbial and algal
pedigree (characterized by high H/C and low O/C) and a humic moiety derived from
higher plants (with low H/C and high O/C). When plotted against each other in the so-
called “Van Krevelen diagram“, both ratios decrease with increasing maturity of the
respective kerogen species, their evolution paths finally converging in the overlap of
H/C = 0.5-0.8 and O/C = 0.0-0.1. The degree of dehydrogenation as quantified by the
H/C ratio serves, furthermore, as an index of aromaticity, reflecting the progressive
replacement of aliphatic hydrocarbon chains by cyclic (aromatic) hydrocarbons during
the polymerization process. At the very end of the kerogen evolution series stands
graphite as the H- and O-free variant of reduced sedimentary carbon.

In sum, it can be stated that organic carbon in the form of kerogen and its graphitic
derivatives is a common constituent of sedimentary rocks over the whole of the pres-
ently known record. Based on hitherto available data, a good case can be built that the
Corg-content of the average sediment has stayed remarkably uniform from Archaean to
present times, ranging broadly between 0.4% and 0.7%. The abundance of highly
graphitized kerogenous materials in the 3.8 Ga-old Isua metasediments is likely to give
eloquent testimony to the operation of life processes already during the time of forma-
tion of the oldest terrestrial sediments.

23.2.2  13C/12C in Sedimentary Organic Matter:
Index of Autotrophic Carbon Fixation

Carbon basically consists of a mixture of two stable isotopes, 12C and 13C; a third,
short-lived radioactive nuclide, 14C, occurs only in trace amounts. All transformations
of the element in the geochemical cycle have been shown to entail thermodynamic
and/or kinetic isotope effects that cause newly-formed phases to be isotopically dis-
tinctive from their precursor substances. The largest isotope effects are commonly
brought about during the conversion of inorganic to organic carbon in autotrophic
carbon fixation. This is primarily the assimilation of CO2 and bicarbonate ion (HCO3

-)
by plants and microorganisms that proceeds by a limited number of pathways, which
invariably discriminate against the heavy carbon isotope (13C).
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With the uptake and intracellular diffusion of external CO2 and the subsequent first
CO2-fixing carboxylation reaction, constituting the principal isotope-selecting steps in
the primary metabolism of autotrophs, the essentials of biological carbon isotope frac-
tionation may be summarized, with adequate approximation, by a two-step model,
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in which CO2(e) and CO2(i) represent external (environmental) and internal (cell-
hosted) CO2, respectively, and k1 - k4 stand for the rate constants of both assimilatory
and reverse reactions. In sum, the individual fractionations tend to bring about a size-
able increase of ”light“ carbon (12C) in all forms of biosynthesized matter relative to
the carbon dioxide of the environmental feeder pool. The largest single fractionation
effect commonly derives from the isotope-discriminating properties of the carboxylat-
ing enzymes operative in the second step responsible for the first irreversible CO2-
fixing carboxylation reaction [cf. 36-38]. This latter reaction promotes the incorpora-
tion of CO2 into the carboxyl group (COOH) of an organic acid, which, in turn, lends
itself to further processing in subsequent metabolic pathways. As biochemical carbon-
fixing reactions are largely enzyme-controlled, and living systems constitute dynamic
states undergoing rapid cycles of anabolism and catabolism, it is generally accepted
that most biological isotope fractionations are due to kinetic rather than equilibrium
effects.

Quantitatively, the differences in the isotopic composition of carbon are expressed
in terms of the conventional δ-notation that gives the permil deviation in the 13C/12C
ratio of a sample (sa) relative to that of a standard (st), i.e.
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The standard defining zero permil on the δ-scale is Peedee belemnite (PDB) with
12C/13C = 88.99. Positive values of δ13C indicate an enrichment of heavy carbon (13C)
in the sample, while negative values stand for a depletion in 13C. Because of the dis-
crimination against “heavy“ carbon in the common carbon-fixing pathways, we observe
a marked decrease of the δ13C values in all forms of biogenic (reduced) carbon com-
pared to the feeder pool of inorganic (oxidized) carbon made up mainly of atmospheric
CO2 and dissolved marine bicarbonate ion (HCO3

-). Generally, the δ13C values of
average biomass usually turn out to be 20-30‰ more negative than those of marine
bicarbonate, the most abundant inorganic carbon species in the environment.

The isotopic difference thus established between organic (biogenic) carbon and the
surficial bicarbonate-carbonate pool is largely retained when organic and carbonate
carbon enter newly-formed sediments. As is obvious from Fig. 23.4, both the carbon
isotope spreads of extant primary producers and those of marine carbonate and bicar-
bonate are basically transcribed into the sedimentary record back to 3.5 or even 3.8 Ga
ago. This would imply that organic carbon and carbonate carbon had always been trans-
ferred from the surficial environment to the crust with relatively little change in their
isotopic compositions. For example, the δ13Corg spread in recent marine sediments
(Fig. 23.4) faithfully integrates over the spread of the contemporary living biomass
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with just the extremes eliminated, indicating that the effect of a later diagenetic over-
print on the primary isotope values is rather limited (usually below 3‰) and, for the
most part, gets lost within the broad scatter of the original values. Consequently, the
kinetic isotope effect inherent in photosynthetic carbon fixation is propagated from the
biosphere into the rock section of the carbon cycle almost unaltered, which opens up
the possibility of tracing the isotopic signature of this process back into the geologic
past.

With these relationships established, decoding of the vast body of isotopic informa-
tion stored in the sedimentary record is fairly straightforward. There is little doubt that
the conspicuous 12C-enrichment displayed by the data envelope for fossil organic car-
bon (Fig. 23.4) constitutes a coherent signal of autotrophic carbon fixation over al-
most 4 Ga of recorded Earth history as it ultimatively rests with the process that gave
rise to the biological precursor materials. Moreover, the long-term uniformity of the
signal attests to an extreme degree of conservatism of the basic biochemical mecha-
nisms of carbon fixation. In fact, the mainstream of the envelope for δ13Corg depicted in
Fig. 23.4 can be most readily explained as the geochemical manifestation of the iso-
tope-discriminating properties of one single enzyme, namely, ribulose-1,5-
bisphosphate (RuBP) carboxylase, the key enzyme of the Calvin cycle.

It is well known today that the carbon transfer from the inorganic to the organic
world largely proceeds via the RuBP carboxylase reaction that feeds CO2 directly into
the Calvin cycle as a 3-carbon compound (phosphoglycerate). Most autotrophic mi-
croorganisms and all green plants operate along this pathway of carbon assimilation;
higher plants relying on it entirely are termed C3 plants. As a result, the bulk of the
Earth's biomass (both extant and fossil) bears the isotopic signature of C3 (or Calvin
cycle) photosynthesis characterized by the sizeable fractionations of the RuBP car-
boxylase reaction that assigns a mean δ13Corg range of –26 ± 7‰ to most biogenic
matter.

Occasional negative offshoots from this long-term average (Fig. 23.4) are com-
monly restricted to the Precambrian [35, 38] and suggest the involvement of methano-
trophic pathways in the formation of the respective kerogen precursors. Though, at first
sight, these excursions might appear as oddities confined to side stages of the carbon
cycle, a closer scrutiny of Fig. 23.4 reveals that the respective minima are superim-
posed on a markedly lowered margin of the δ13Corg envelope that characterizes the
early Paleoproterozoic and Archaean record, attesting to an important role of methane
in biogeochemical carbon transformations on the early Earth.

A major apparent discontinuity in the δ13Corg record depicted in Fig. 23.4 is the
break between the ~3.8 Ga-old Isua metasediments from West Greenland and the
whole of the post-Isua record. The observed isotope shift is, however, fully consistent
with the predictable effects of an isotopic re-equilibration between coexisting organic
carbon and carbonate in response to the amphibolite-grade metamorphism experienced
by the Isua suite. Both currently available thermodynamic data on 13C/12C exchange
between Corg and carbonate carbon (Ccarb) as a function of increasing metamorphic
temperatures and observational evidence from a host of geologically younger meta-
morphic terranes make it virtually certain that the “normal“ sedimentary δ13Corg and
δ13Ccarb records had originally extended back to 3.8 Ga ago, and that the Isua anomaly
is clearly due to a metamorphic overprint [33, 38]. Apparently pristine δ13Corg values
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in the range –21‰ to –49‰ (average: −37 ± 3‰) have been recently reported for
minor carbon inclusions in apatite grains from a possibly 3.85 Ga-old

Fig. 23.4 Isotope age functions of organic carbon (Corg) and carbonate carbon (Ccarb) as com-
pared with the isotopic compositions of their progenitor substances in the present environment
(marine bicarbonate and biogenic matter of various parentage, cf. Right box). Note that the
δ13Corg spread of the extant biomass is basically transcribed into recent marine sediments and
the subsequent record back to 3.8 Ga, with the Isua values reset by amphibolite-grade meta-
morphism. In the displaced Isua segment, the lower shaded portion represents the range of
values with bona fide biological signatures (δ13Corg <-16‰) that have ostensibly survived the
metamorphic reconstitution of their host rock; the upper light field covers those values, which,
for the most part, have suffered secondary alteration as a result of high-T 13C/12C exchange.
Superimposed on the Isua envelope for whole rock analyses are the spreads obtained for car-
bon inclusions in apatite grains from a 3.85 Ga-old Isua banded iron-formation (A1) and from
other Isua iron-formations (A2) as reported by Mojzsis et al. [39]. The envelope for fossil or-
ganic carbon as a whole is an update of the data base presented by Schidlowski et al. [38],
comprising the means of some 150 Precambrian kerogen provinces as well as the currently
available information on the Phanerozoic record. The negative spikes at 2.7 and 2.1 Ga indicate
a large-scale involvement of methane in the formation of the respective kerogen precursors.
Contributors to the contemporary biomass are (1) C3 plants, (2) C4 plants, (3) CAM plants, (4)
eukaryotic algae, (5a,b) natural and cultured cyanobacteria, (6) groups of photosynthetic bacte-
ria other than cyanobacteria, (7) methanogenic bacteria, (8) methanotrophic bacteria. The
δ13Corg range in recent marine sediments [45] is based on some 1600 data points (black insert
covers >90% of the data base).
Isua banded iron-formation [39]. Here, carbonaceous material sealed in a mineral
matrix and hosted by a carbonate-free lithology had obviously escaped high-
temperature isotope exchange, thereby preserving its original biogenic δ13Corg spread
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with probably little alteration. The remarkably negative δ13Corg mean of –37 ± 3‰
displayed by the apatite-hosted carbon particles from the Isua Suite certainly conjures
up a methane connection for sedimentary organic carbon accumulated during the
Earth’s early history (see also [40]). On the other hand, an archaebacterial record con-
firming a major involvement of methanotrophic bacteria in the early biogeochemical
carbon cycle is as yet missing, the currently available paleontological data being clearly
dominated by evidence on the cyanobacterial level [23, 25, 41].

23.3 Conclusions and Outlook

With terrestrial analogues of possible relics of extraterrestrial life furnished by the
Earth’s oldest sediments, we have a baseline for a reasonable evaluation of remnants of
fossil life if ever encountered on other planets, notably on Mars. This holds for the
morphological (cellular nad biosedimentary) as well as for the biogeochemical residua
of former organisms, both categories of evidence being apt to be preserved in the sedi-
mentary records of planetary bodies. Such scenario may be specifically envisaged for
the sedimentary formations generated in a water-rich period during the early history of
Mars. Considering the ubiquity of fossil organic carbon in terrestrial sediments, carbo-
naceous (kerogenous) constituents retrieved from Martian rocks might figure as im-
portant stores of biogeochemical information. If enzymatic carboxylation reactions in
exobiological systems were beset with similar kinetic fractionation effects as in Earth-
hosted biochemistry, the 13C/12C signature of these carbon constituents should furnish
powerful constraints for current discussions on the existence of former life on Mars
[42, 43].
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